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Abstract

Pre-existing structures and weaknesses are often thought to control the behaviour of continental
crust under extension. While such features do play a role, the mechanical stratification of the crust
can also dominate the mode of extension. In our numerical models, the temperature gradient dictates
the transition from a strong, brittle, upper crust to a weaker, ductile, lower crust. Results show two
distinct extension modes that depend upon this vertical rheological contrasisttieuted faulting
modeand themetamorphic core complex made the absence of pre-existing weaknesses, the ratio
of the integrated strength of the upper to lower crust is an indicator of the resulting mode of extension.
When this strength ratio is small, i.e., the lower crust is relatively strong, the result is distributed,
densely spaced faulting, with limited slip on each fault, and no exposure of lower crustal rocks. An
example could be faulting in the North Sea. A large strength ratio, hence a weak lower crust that flows
easily, leads to stretching being strongly localised onto relatively few normal fault zones. Each fault
accomodates large displacements, eventually dissecting the upper crust and resulting in exhumation
of the lower crust. This is representative of the metamorphic core complexes of the Western U.S.A.
and the Aegean. The actual critical strength ratio for the transition between modes will depend upon
secondary factors such as the relative thickness of the lower crust with respect to the upper crust, and
the degree of fault weakening.

1 Introduction

Continental lithosphere may be highly extended without entirely rifting to a new ocean basin. For ex-
ample, total Cenozoic strain estimatgsféctors) of up to 2 have been proposed for parts of the Basin
and Range in the western U.S.A., which has not been rifted eaghenbruch and Sas&978;Jones

et al, 1992]. A total of up to 80% extension is suggested on a very large scale of 300-50knidke

et al,, 1982], andNiemi et al.[1999] have even suggested 500% extension in central Death Valley, Cal-
ifornia, since the middle Miocene. Stretching of the crust may then be accomodated by two contrasting
phenomena: distributed, closely spaced, and limited-slip normal faulting over a large area, or localised,
large-strain normal faulting that often results in the complete dissection of the upper crust and exhuma-
tion of the lower crust. Examples of distributed faulting exist in various parts of the North Sea basin [e.qg.,
Fossen and Rcerngk996;Viejo et al, 2002], where the faults are characterised by a relatively steep an-
gle and small offset. Normal faults that exhibit a low angle and very large displacement, juxtaposing
exhumed high-grade metamorphic rocks against near-surface rocks, are hallmarks of the metamorphic
core complexesicg of the Basin and Range [e.d\xen et al. 1990;Duebendorfer et al1990;Hodges

et al,, 1990;Spencer and Reynoldk991] or the Aegean [e.g5authier and Brun1994;Burchfiel et al,
2000;Gessner et a].2001].

Why should extending lithosphere sometimes fornmatin preference to failing in a distributed
manner? One possibility is that major lateral discontinuities in the strength of either the upper crust
(e.g., pre-existing faults) or the lower crust (e.g., partial melt zones) focus stresses and localise exten-
sion. Christiansen and Pollar@1997] have documented field evidence for the nucleation of shear zones
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Figure 1: Initial geometry and boundary conditions for the numerical models. Stripes in the upper and
lower crust are marker materials for visualising deformation. All bounding surfaces have zero shear
stress, and the box is extended from the right-hand side. Vertical boundaries have zero heat flux, i.e., are
reflective.

from pre-exisiting dikes acting as weaknesses, although these were not associatedwdth Bntheir
conceptual models of extensional tectonics, Mfdrnickg1985] andWernicke and Axef1988] assume

an immediately active horizontal or low-angle detachment surface through the upper crust, which then
controls faulting and exhumation of the lower crust. In some analogue modelling experiments, initial
faults end up controlling fault spacing and the mode of extension ogi,and Skelton2001]. Brun

et al.[1994] conclude that a weak rheological zone at the base of the upper crust is required to trigger an
mcc. Other analogue modellers use a weak zone in the upper mantle combined with an imposed velocity
discontinuity Corti et al, 2001], or a pre-weakened lower lithosphdvuJugeta and Ghebreal2001],

such that stresses are localised and influence the resulting extension. Some numerical modelling exper-
iments also suppose initial weaknesses, and proceed to investigate related factors that vary the results
of extension [e.g.Dunbar and Sawyerl989]. Although such weak features do serve to focus stresses,

we find that in the absence of lateral heterogeneities, vertical contrasts in rheology dictate whether one
or the other mode of extension will result. In fact, small lateral heterogeneities are often insufficient to
trigger anmccmode when the rheological layering promotes distributed faulting.

The mode of extension is thus determined by the combined ability of both lateral and vertical rheo-
logical structure to focus stresses in the brittle upper crust. Our numerical modelling concentrates on the
role of the vertical rheological contrast in dictating the spacing between fault zones and the accompany-
ing mode of distributed faulting anccformation. Numerical models have the advantage over analogue
experiments of exact control over “laboratory” conditions, and precise specification of rheological be-
haviour and initial and boundary conditions. On the other hand, given the level of readily-available
computational power today, numerical models still lack the resolution of analogue models, especially in
three dimensions. Thus we confine ourselves to 2D vertical section models, which, fortunately, are easily
compared to much published analogue modelling, including thBturf et al.[1994].

2 Models

We use a two-dimensional Lagrangian integration point finite element dddee§i et al, 2001, 2002]
to explore the different behaviours of the crust during extension. The algorithm solves the governing
equations of momentum, mass, and heat conservation. Inertial terms are neglected. The particle-in-



cell approach allows simulations to develop very large strains comparable to those found in analogue
models, while still tracking strain history accurately for the constitutive laws. Examples of geological and
engineering problems are on the World Wide Web at http://www.ned.dem.csiro.au/research/solidMech/
PIC, and inMoresi and Lenardi¢1999], Muhlhaus et al[2001], andMiuhlhaus et al[in press, 2002].

We consider viscoplastic materials with strain-weakening behaviour, which gives rise to the locali-
sation of deformation and necking of layers. A yield law approximates brittle behaviour in the strong
upper crust, which overlies a weaker, ductile lower crust. The transition from brittle to ductile behaviour
is governed by temperature. The initial geometry of the model appears in Figure 1, and corresponds to
20 km of upper crust atop 40 km of lower crust, along a length of 160 km. Horizontal stripes in the
upper crust and vertical stripes in the lower crust are simply marker materials to enhance visualisation
of the deformation. The pattern is copied directly fr@run et al.[1994]. Above these two crustal
layers is a highly compressible layer of low viscosity, low density, background material (“air”), which
does not interfere with the mechanics of the problem. Vertical walls of the closed bounding box are
free-slip. Extension proceeds by applying a uniform velocity to the right-hand boundary, equivalent to
100% strain in 5 MaGessner et al.2001], or 6.3<10~15 s, This boundary velocity does not create
tensional stresses, so gravity is in effect driving the deformation.

The yield law for the upper crust prescribes a maximum shear styggs calculated via the second
invariant of the deviatoric stress tensor, according to

Tyield = (co + ¢pp) f(€) (1)

wherep is the pressure;, is the cohesion, or yield stress at zero pressurecaigithe pressure depen-
dence of the yield stress, equivalent to the friction coefficient in Byerlee'sByerjee 1968]. We adopt
a low rock cohesion of 16 MP&uppe 1985, p. 155], which is greater than the value of zero employed
in Byerlee’s law for the upper 10 km of the crust, but avoids a cohesionless surface material that would
allow plastic strain along the entire air-rock interface. Numerous laboratory experimeBigebge
[1968] resulted in a universal friction coefficient of 0.6 — 0.85 for most rock types. However, this is for
dry samples. Assuming an average hydrostatic pore pressure, the effective pressure is reduced by more
than one third, so that an equivalent dry friction coefficient of 0.7 is reduced to 0.44. Strain-weakening
is included through the power law functigife), in whiche is the accumulated plastic strain, measured
as the second invariant of the deviatoric strain tensor.
1-(1—a)(e/e e<e
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The “saturation” strairg, is the accumulated plastic strain beyond which no further weakening takes
place, and at this point the maximum proportion of strain weakening is given Byere is no strain
weakening whem = 1. Both of these parameters are varied in order to investigate the influence of fault
weakening on the mode of extension.

The boundary between upper and lower crust is defined at all times by a fixed density contrast.
Initially, this corresponds to the depth at which the temperature dictates a change from brittle to ductile
behaviour. With increasing extension, the initially Newtonian lower crust may be exhumed into the
brittle field and undergo faulting. It behaves mechanically as the upper crust does, but retains the density
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Figure 2: Representative maximum shear stress profile (solid line) through the crust for a given strain
ratec. Neglecting localised strain weakening, strength increases with presfum c, at the surface

to a maximum value at the basg of the brittle upper crust, at which point the yield curve intersects the
viscous, temperature-dependent flow law. The viscosity valugiatadopted as a minimum value and

is constant to the basg of the crust.

(and, e.g., metamorphic grade and mineralogy) of lower crustal material. We do not consider any thermal
expansion, since, during exhumation, we expect decompression to compensate for cooling; nor do we
model melting.
Viscosityn varies with temperaturg€ according to the Frank-Kamenetskii relatidgindnk-Kamenetskii
1955]
n(T) =noe " (2

This is a simplification of an Arhennius rheology, where the constanésdc are chosen such that the
viscosity at the interface, between upper and lower crust, which is the initial brittle to ductile transition,
satisfies the maximum yield stress

Tyield (2u) = 0 (T(24)) €

i.e., the maximum shear stress profile through the crust is continuous. Appendix B contains a full devel-
opment of these relations, and Figure 2 illustrates a crustal strength profile. The profile evolves with the
strain rate, but provides a convenient starting point from which to characterise the crust.

The surface of the upper crust is maintained &€.0An initial temperature gradient of 2G/km
results in a brittle to ductile transition at 400, in the range discussed Byace and KohlstedtL980] and
references thereiMicKenzie and Fairheaftl997], and corresponding to theoretical flow laws derived
by Handy et al[1999] for various crustal components. At this depth, the maximum shear strength of the
crust is about 250 MPa. Because of the significant initial thickness of the crust, the base of the model
reaches a constant temperature of £Z)Qvhich is probably too high. However, since the temperature
only controls the viscosity of the lower crust, we avoid an extremely low viscosity by limit{fg >
n(T = 600°C).



Parameter Value
thicknessz,,, upper crust 20 km
thickessz; — z,, lower crust 40 km
velocity U, boundary 3.1 cmlyr
strain rates, initial 6.3x107 1% s7!
densityp,,, upper crust 2700 kg/mi
densityp;, lower crust 3000 kg/m
gravity ¢ 10 m/g
cohesior, 16 MPa
friction coefficientc, 0.44
strain weakening, maximum 0.2
“saturation” straire, 0.5
thermal diffusivity s 107 m?/s
temperaturd’,, surface 0°K
temperaturdy, base 1200°K

Table 1: Natural parameter values.

Table 1 contains parameter values for the natural system, which apply to all models unless explicitly
stated otherwise. The scaling equations that translate these into model values are contained in Appendix
A.

3 Results

In all of the following simulations, bands of high localised plastic strain represent fault zones. Accu-
mulated plastic strain in the upper crust is indicated by darkened material, and the degree of shading is
indicative of the amount of strain. Faults form af38 the direction of greatest principal stress, corre-
sponding to an angle of internal friction takr,, = 23°. Unless otherwise indicated, a maximum of 80%
strain weakeningd = 0.2) occurs after an accumulated strajn= 0.5. These values reflect evidence,
from both numerical experiments [e.@ird and Kong 1994] and field-based heat-flow measurements
[e.g.,Lachenbruch and Sas§980, 1992], that major faults may undergo significant weakening.

The different behaviours of the crust under extension are partly parameterised by the ratio
integrated upper to lower crustal strength. The calculation of integrated strengths, based on the maximum
sustainable shear stress at a given strain rate, is explained in Appendix C.

3.1 Constant viscosity

The two contrasting modes of crustal extension are first illustrated in Figures 3 (model A, distributed
faulting) and 4 (model Bmcc) for a constant viscosity lower crust. A constant viscosity is the only
feasible approach for analogue modelling, and allows us to compare directly with the redBiftsnof

et al. [1994]. When the lower crust has a relatively high viscosity, i.e., the system is characterised by a
smallr;, the result is the distributed faulting in Figure 3. The upper crust develops many closely spaced
steep faults, each of which accomodates a limited strain, and the interface between upper and lower crust
remains relatively flat. This is very similar to the equivalent modeBnfn et al.[1994]. Even with
stretchingG > 1.8 shown here, the upper crust is never completely dissected. New steep faults form
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Figure 3. Model A: evolution of distributed faulting mode with a lower crust of constant viscosity and
rr = 0.53. Total extension of (a) 24% (1.2 Ma), (b) 52% (2.6 Ma), and (c) 82% (4.1 Ma). Dark bands in
the upper crust indicate accumulated plastic strain, or fault zones.

soon after older faults have accomodated a small amount of shear strain, with the end result that the
upper crust is broken into a series of small blocks. For this example0.53.

AlthoughBrun et al.[1994] propose that a weakness is needed in the lower crust in order to localise
stresses and trigger anccmode of extension, we show in model B (Figure 4) that a uniformly weak
lower crust, i.e., a high, = 2.52, is sufficient to achieve this behaviour. Deformation is accomodated by
only a few normal fault zones. Displacement is large within each fault zone, which furthermore remains
active even after rotating to a shallow dip, because of fault weakening. The lower crust flows easily to
isostatically compensate for localised thinning of the upper crust, which enhances block rotation and
continued strain on low-angle faults. The lower crust is first exhumed-atl.6.

3.2 Temperature dependent viscosity

The main limitation in using a constant viscosity for the lower crust, and therefore a limitation of the
analogue modelling, is that lower crustal material that rises towards the surface remains very weak,
although it should cool and strengthen, even becoming brittle. This phenomenon does not affect the case
of distributed faulting, where the lower crust remains buried below a laterally stable brittle to ductile
transistion. In model A, the interface between upper and lower crust remains betwéenaded450C.
In mccmode, however, a temperature dependent viscosity allows exhumed lower crust to realistically
cool and enter the brittle domain. The relative rate of cooling versus exhumation will influecce
formation.

A weak lower crust in a laterally uniform system still results in thecmode of extension in Figure
5 forr, = 2.15. The rising lower crust enters the brittle domain, but cooling is slow enough, relative to
exhumation, that brittle deformation of the lower crust does not penetrate to great depth. The propagation
of faults from the upper crust into the lower crust allows continued strain along the original structures,



Figure 4: Model B: evolution ofnccmode caused by a uniformly weak lower crust of constant viscosity
andr, = 2.52. Total extension of (a) 25% (1.2 Ma), (b) 53% (2.7 Ma), and (c) 83% (4.2 Ma).

Figure 5: Model C: evolution oinccmode ¢, = 2.15) with both a viscosity and a brittle to ductile
transition that are temperature dependent. Total extension of (a) 16% (0.8 Ma), (b) 53% (2.6 Ma), and
(c) 82% (4.1 Ma). Faults continue to propagate through the newly brittle lower crust as it nears the
surface, and are connected to diffuse high shear zones in the ductile region, indicated with pairs of solid

lines in (c).



Figure 6: Model Emccmode withr,. = 2.15, but a maximum fault weakening of 20% rather than 80%
as in model C. Total extension of 80% (4.0 Ma).
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Figure 7: Temperature-time path for an exhumed footwall ofnat from (a) fission-track ther-
mochronology and AP/ Ar3? ages (fromGessner et al[2001]) and (b) numerical model C. The dotted

line in (b) represents the initial stable temperature before the onset of extension. (c) Schematic cross sec-
tion of Central Menderesiccfrom Gessner et a[2001]. The asterisk denotes the location, in high grade
metamorphic material, of the laboratory analyses. (d) Part of modet&vith an asterisk showing the
equivalent (final) location of numerical temperature sampling point.

until they become very gently dipping or even flat-lying detachment surfaces accomodating large dis-
placements. There is evidence in the vertical lower crust markers that these faults are spatially connected
to diffuse high shear zones that extend to the base of the entire crust. These deep shear zones are traced
in Figure 5c¢. Such continuity has been suggested in an intraplate settdaplhgk et al[1985].

In order to determine the importance of fault weakness with respegictoformation, we have
modified model C to severely restrict the amount of strain-weakening. Model D has a maximum strain-
weakening of only 20%¢a( = 0.8), and this accumulates more slowly through= 1.0. The resulting
extension still produces anccmode, although the characteristics are different (Figure 6). Fault zones
are more diffuse and the upper crust tends to neck rather than produce planar shear zones.

3.3 Field validation

We test the physical validity of theaccmodel C by comparing our numerical results with cooling data
from the Kuzey detachment in the Central Menderes. After 100 % extension, the crust is approximately



Figure 8: (a) Endmember oficcmode -, — oo) represented by the brittle upper crust atop a free-slip
lower boundary. Total extension of 3% (0.15 Ma). The profile above is the normalised basal velocity.
No other yielding will occur because the strain rate approaches zero away from the first developed fault
(graben). (b) Same model as (a) at a total extension of 38% (1.9 Ma). Because the code cannot model
actual discontinuities, there is some stress transmitted across the graben. At this stage, gravitational
slumping also begins to affect the model because there is no lower crust isostatic compensation. (c)
Endmember of distributed faulting mode-(— 0) represented by the brittle upper crust atop a zero-slip
boundary. Total extension of 40% (2.0 Ma). A very strong lower crust ensures uniform basal traction
(reflected in the velocity profile above), which leads to uniform yielding of the upper crust.

30 km thick, which coincides with a seismic investigation of western Turke@duynders et a[1998].
The numerical temperature-time curve in Figure 7b matches well, with respect to the rate of temperature
decay, with data fronGessner et a[2001] andHetzel et al[1995] (Figure 7a). Both data sets are from
the exhumed footwall of amcc. The field data reflect measurements from apatite and zircon fission-
track thermochronology, artfAr/ 3°Ar ages for the higher temperatures. There is a°@06ffset in
initial temperatures due to our chosen starting conditions. Furthermore, the numerical curve does not
reach the surface temperature 8€because, due to the continuum nature of the code, the upper crust is
never completely removed from above the exhumed lower crust, so that the lower crust remains buried
and begins to stabilise at approximately 100

The match we have achieved between cooling rates for the numerical and field data suggest that
the model formulation provides an adequate physical description for our investigation of extensional
tectonics.

4 Discussion

Pre-existing faults or thermal and rheological heterogeneities are not required to produceraade

of extension. A large ratio of upper to lower crustal strength is sufficient. As theati® further
increased, we reach a state where a single fault is nucleated and remains the only zone of failure. This
is illustrated by the endmember case — oo of a single brittle layer extended over a free-slip lower
boundary, as in Figures 8a and b. Once a fault or symmetric graben is nucleated, boundary stresses can
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Figure 9: Number of major fault zones as a functiomafData labels indicate a subjective evaluation of
the model result between the distributed endmember (0) and¢bendmember (10). Unless otherwise
indicated, viscosity, is temperature dependenf, = 0.5,7, = 0.9, andw; = 0.53. The influence of
both density contrasts, (at this strain rate) and fault weakening are clearly minor compared to the
control exerted by.-. Differences due to crustal thickness ratigsare more pronounced.

no longer be communicated laterally through the layer, and the velocity gradient approaches zero away
from the fault, as evidenced by the basal velocity profile above the section. This is the limit of very weak
lower crust that effectively decouples the upper crust from the tectonics below. If the fault was truly

a discontinuity (impossible with this continuum code), the velocity gradient would be zero everywhere
except at the discontinuity, unlike the profile in Figure 8b, where some stress continues to be transmitted.
The lower crust, when present, fulfills the role of stress distributor and ensures non-zero traction at the
base of the brittle crust. When the lower crust is so strong as to maintain a constant stress at this interface,
r, — 0 and we have the zero-slip basal condition illustrated in Figure 8c. The result, uniform yield of
the upper crust, is the endmember of distributed faulting.

Ther, — oo model in Figure 8b will not necessarily resultimccformation. The presence of a
volume of mobile lower crust may be essential for block rotation, shallowing of fault dips, and lower
crust exhumation. Fault zone localisation and significant block rotation are complementary expressions
of the weak lower crust endmember. These two phenomena might not be separable in nature.

The number of major fault zones that are developed to accomodate extension correlates inversely
with the tendency tanccmode. The dependence of mode gnis illustrated in Figure 9, using the
number of major fault zones as a proxy for the mode of extension. Fewer fault zones develop with
increasing--. More models have been run than are shown in the previous section, in order to explore the
phase space of extension modes. Models are labelled with a subjective rank from 0 to 10, corresponding
to position between the endmembers of, respectively, distributed faultinmaochode. In addition to
r-, the following parameters simplify model classification: the ragiof upper to lower crust thickness,
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Figure 10: Spacing\ ; of major fault zones (normalised by total crustal thickngss- z;) as a function

of - /1y, for temperature dependent models only. All data points lrigve 0.9 andw; = 0.53. Data

labels indicate mode as in Figure 9. The trend should pass through the origin and towards infinite spacing
for r. /r, — o0, although these cases would not be reached for natural parameter ranges for the crust.

the ratior,, of upper to lower crust density, and the fault weakness facfoe (1—a)/(1+¢,). Alarger

wy implies greater and/or more rapid fault weakening. According to Figure 9, variationsexert the
greatest control on the mode of extension. Of secondary but significant importancewsile r, and

wy have a minor influence. The extension rate in these models may be too high for density contrasts
to appreciably affect exhumation of the lower crust. Buoyancy forces will be more evident for lower
extension rates, at some point dictating a transition to diapirism,for 1.

When the different thickness ratieg are accounted for, the standard deviation of model behaviour
is largely reduced. Figure 10 shows the more or less linear variation between normalised fault spacing
andr;/ry. Only temperature dependent models with= 0.9 andw; = 0.53 are included. This
simplistic relationship is a purely empirical prediction of model behaviour, within the assumptions of
our initial conditions. Other physical formulations for the models may change the absolute values of
our defining parameters, but we have shown that there exists a continuum of behaviour in extension
that depends mostly upon the contrast between upper and lower crustal strength. Furthermore, after
significant extensionq > 1.8), we have found only two endmember modes. A smallesults in a
contiguous upper crust even after extreme stretching, whereas a-laigjgates more localised strain
that evolves into amcc.

There is no upper mantle in our models, which precludes direct comparison with the modes of ex-
tension ofBuck[1991]. However, an equivalent “narrow rift” mode in our models is simply a juvenile
mccmode in terms of total extension. Strain is localised in one or few zones, but the lower crust is not
yet exhumed. Analogue modelling BBenes and Davj1996] purports to support the modes Bfick
[1991], in which they use a similar measure of layer strength ratios as we do to distinguish model be-
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haviour. They conclude that very weak lower crust gives rise tonaoamode of extension, and our
results are broadly consistent with theirs. WiBkenes and Davjl996] also classify a narrow rift mode,

they change the upper to lower crust thickness ratio with respect to their core complex models to achieve
this. A narrow rift, which they classify after only 9.3% extension, is the result of a thicker upper crust
and a thinner lower crust, which both contribute to hindering exhumation of the lower crust. A thick
upper crust simply requires more strain until it is dissected. A thin lower crust, relative to a thick lower
crust, relies more on lateral flow to compensate for unloading, and thus, at the same integrated viscosity,
does not as easily accomodateraccmode of extension. We suspect that given greater extension, the
narrow rifts ofBenes and Davj1996] are actually core complexes, whereas the “wide rifts” will remain

as such, equivalent to our distributed faulting models. Narrow rifts are an intermediate mode and not an
endmember behaviour.

The upper mantle will have some influence on the behaviour of the crust during extension. The
thinner or stronger the lower crust, the more likely this influence will manifest itself. The lower crust in
our models is sufficiently thick and ductile that it effectively decouples the crust from the upper mantle.

If the upper mantle is strong, it will then remain relatively flat, as the lower crust will flow more quickly

in response to any unloading. This case is implicit in our use of a rigid, zero-traction bottom boundary,
and corresponds to the observations of a flat moho boundary under areas of high extension in Arizona
[Hauser et al. 1987]. On the other hand, if the upper mantle is of comparable viscosity and subject to
flow on the same time scale as the lower crust, it will participate in isostatic compensation. With the
thick lower crust geometry of our present modelling, however, we do not envisage that inclusion of the
upper mantle will change the basic conclusion with respect to the importance of upper to lower crustal
strength ratios in controlling the mode of extension. On a larger scale, the upper mantle, in concert with
the lower crust, most likely plays a crucial role in continental breakup.

Some field vindication of the case for weak lower crust promotimog formation might be argued
based on work byarsons et al[2000]. A seismic low-velocity middle crust (hotter and/or weaker) is
present under the Buckskin-Rawhide core complex in Arizona, U.S.A. Further west there is high-velocity
middle crust (colder and/or stronger) under the steep normal faults of the Salton Trough.

To explain why strength contrasts may control the mode of extension, we turn to numerical work by
Bai and Pollard[2000] that explains fracture spacing in layered rocks based on the stress distribution
between fractures, which depends on the physical properties of neighbouring layers. The observations
on our numerical models are that

1. atthe onset of extension, many faults are nucleated in both modes.
2. whenr; is small, many of the nascent faults zones are activated.

3. whenr; is large, few fault zones are activated, but each accomodates large strain, leading to an
mccmode.

For a fractured layer sandwiched between two unfractured laBargnd Pollard[2000] find that there

is a critical fracture spacing to layer thickness below which the interfracture stress is always compressive
and new fractures will not form. At greater fracture spacings, the stress becomes tensile, and eventu-
ally overcomes the tensile strength of the layer, leading to new infill fractures. This critical spacing to
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thickness ratio increases with increasing ratio of Young's modulus between the fractured and neighbour-
ing layers. Although th&ai and Pollard[2000] analysis is for linear elastic media, we find an exact
analogue in our results for normal faulting of viscoplastic layers. As the strength-fatioreases, the
spacing between active faults increases. Thus the magnitude of lateral stress transfer from the unfaulted
lower crust to the upper crust is key to the mode of extension, where the mode is specifically controlled
by the number of active fault zones. A relatively strong lower crust provides greater traction at the base
of the upper crust, which results in the yield stress being reached at shorter spacings between faults. The
existence of few fault zones in the presence of a weak lower crust is simultaneously linked to the ability
of crustal blocks to rotate because of lower crustal mobility, leadimydoformation.

The geometric origin of low-angle detachment faults remains controversial after years of research.
According toScott and Listef1992] andLivaccari et al.[1995], for example, structural field relations
favour initiation and activation at a shallow dip. Others suctBask[1988] andWernicke and Axen
[1988] propose initial high-angle faults that subsequently rotate to shallow dip. In all of our simulations,
initially high-angle normal faults form as planar features. They evolve to shallower angles because
of lower crustal flow, or isostatic compensation, during unloading of the footwall. This rotation first
manifests itself at the base of the upper crust, where the changes in the local stress field are greatest. The
result is the slightly listric faults most evident in Figure 3a. Continued unroofing and lower crustal flow
can eventually produce very shallow faults such as those arounudtseof Figure 5c. These results
do not contradict the hypothesis that detachment faults are formed at low angle. There is simply no
condition present for an initial stress field rotated from the vertical, and new faults forn? &b 33.
However, the results do illustrate and support the hypothesis that initial high-angle faults can rotate to
low angle and develop into shallow detachment faults that continue to slip due to significant weakening.
It is worth noting a Coulomb failure analysis WVills and Buc1997] that determines the likelyhood of
fault slip at shallow dips due to specific boundary or loading conditions. They conclude that slip will not
occur on low-angle surfaces unless there exists a questionable combination of localised, near-lithostatic
pore pressure, and unsustainably high tensile stresses in the upper 5 km of the crust. On the other hand,
if normal faults form at shallow dips because of pre-existing weaknesses, for example earlier shallow
thrust faults [e.g.Horvath, 1993], vertical rheological strength contrasts are no longer as important in
governing the mode of extension.

Through numerical experiments on a single elasto-plastic lagetier et al.[2000] find that both
the layer thickness and the amount of fault weakening can affect the degree of offset per fault. However,
because the experiments are over an inviscid substrate, in alllcages et al.[2000] nucleate a single
fault zone only (this includes a single graben or horst with secondary faults in the same zone), i.e., the
endmember ofnccmode. By including the important role of the lower crust in distributing stresses, we
have determined fault weakening to be less important than the rheological contrast between upper and
lower layers of the crust. Model D in Figure 6 suggests that significant differences in fault strength and
rate of weakening change the characteristiceno€t formation, but not the actual mode of extension.
Changes in relative layer thickness have a more pronounced effect, as indicated by the models with
varying r, in Figure 9. The critical value of, for the transistion between modes of extension varies
inversely with the thickness of the lower crust, as explained above.
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More sophisticated models Hyavier and Bucl{2002] include a visco-elastic lower crust. While
their purpose is to investigate the influence of cooling rate on faulting style, their models fit within our
description of modes. Our estimated values-ofor the models presented lyavier and BucH2002]
are all very high, such that they are well withitccmode and consequently nucleate single fault zones,
albeit sometimes composed of more than one individual fault.

Finally, we translate. values into natural viscosity for the lower crust and compare with independent
estimates. The distributed faulting mode, with= 0.53, has a minimum lower crust viscosity of 802!

Pas. Themccmode returns a viscosity of 3@0%° Pas. We have no estimates of crustal viscosity for
western Turkey, but thexccmode value is very close to the upper limit of 502° Pas obtained byPollitz

et al.[2001], based on geodetic measurements of post-seismic velocity fields after the 1999 Hector Mine
earthquake in California.

5 Conclusion

The primary rheological control on the mode of extension in the Earth’s crust is the ratio of upper to
lower crustal strength. This ratio dictates fault spacing through the stress transfer from ductile lower
crust to brittle upper crust. The fault spacing, naturally linked to the ability of the lower crust to flow,
then controls the subsequent evolution of the normal fault systems. Although pre-existing weaknesses are
probably responsible for the initiation of many large detachment faults and metamorphic core complexes,
a true mode of extension, which does not rely on large-magnitude initial heterogeneities to control fault
spacing, is the result of vertical rheological contrasts. A small ratio of upper to lower crustal strength
leads to a distributed mode of faulting, where many faults each take up limited strain, and the upper crust
is never completely dissected. An example is faulting in the North Sea. A large strength ratio results
in few active fault zones, each accomodating a large amount of strain. This leads to block rotation and
complete dissection of the upper crust, with the consequent exhumation of lower crustal rocks. Examples
of this mode of extension may be the metamorphic core complexes of the Western U.S.A. and the Aegean.
The actual critical strength ratio for the transition between modes will depend upon such factors as the
relative thickness of the lower crust with respect to the upper crust, and the degree of fault weakening.
These are secondary factors that do nor alter the primary importance of vertical rheological contrasts in
determining the mode of extension.
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A Scaling

The following scaling factors are the ratio of natural to model parameter values, and contain the appro-
priate Sl units. The model bounding box initially measures one dimensionless unit in height by two units
in length, and represents a true system 160 km long. Comparison of natural versus model dimensions
leads to a length scale

LI] I
L[ = 2t g 104 m.
Lmodel

A model boundary velocity of 1.0 translates into a strain rate of 0.5. The true strain ratexaf6.3
s~ ! results in a scale fact@gi* = 1.26 x 10714 s71,
Equivalence of lithostatic versus viscous stresses demands that

Both the gravitational and density scalgsand p* are equal to unity, so the resultant viscosity scale
n* = 6.35 x 10'® Pas.

Matching the Peclet number Pe ¢L?/x for both systems, with a natural thermal diffusivity=
1075 m?, yieldsx* = 8 x 1075 m?.

The true base temperature of 120D and a model gradient from 0 to 1 imply a temperature scale
T* = 1.2 x 103 °C.
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B  Viscosity at brittle-ductile transition

In order to create a continuous maximum shear stress profile as in Figure 2, the viggasitige brittle
to ductile transitionz, must satisfy both the brittle yield equation (1) and the temperature-dependent

viscosity equation (2).
. Tyield (2u) _ oo~ ()
9
Having fixed the strain rate and bathandc,, n,, is derived from equation (1) for the yield stress before
any strain softening, noting that the total overburden pregsisehe lithostatic stress reduced by the

extensional stress.

Co+ Cp (pugzu — TN 5) = 77u5
_ Co + PugzuCp
e (I4cp)e

With the parameter values from Table 1, the transition viscogity: 2.75x 10?2 Pas. The constants,
andc control the viscosity profile through the ductile region, and are related through the equations above.

o—Tz) — '
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—ca—Tz — In <Co + pugzucp>
9z (14 ¢p) ot
B <8T )_1 <ca+pugzucp)
c = —| =2z In{ ———+
0z (14 ¢p) noe

C Integrated crustal strength

Referring to Figure 2, the integrated strengtly of the crust is simply the area between 0 and the
maximum shear stress. This maximum stress is defined by the yield envelope in the brittle zone (equation
(1)), and by the viscous stress in the ductile zone. The crustal response to extension is defined by the
ratior, of the integrated strength of the upper crust (initially all brittle) to that of the lower crust (initially

all ductile).

For the upper crust at the onset of extension,

Zu

u

Tt = / Tyield 02
0

1
= CoZy t+ izu (Tyield(zu) - CO)

1 Co + pgzyc
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_ Fu (Gt PGy
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Integrating the viscous stress profile for the lower crust at an initial constant strain rate,

Z1
iy = / n(T)é d
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